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ABSTRACT 

 

The Bear Island Strait between Crosson and Dotson Ice Shelves in the Amundsen Sea 

Embayment sector of West Antarctica is an important junction for seawater exchange in 

the region. This work establishes that two previously distinct masses of seawater beneath 

the ice shelves now interact due to the thinning of the ice that separated them. A pathway 

connecting the water masses is revealed using reflection-seismic spot soundings to 

measure the bathymetry and water-column thickness beneath the ice in the Bear Island 

Strait. The spot soundings reveal a seafloor that is deep (> 800 m below sea level) and 

continuous to allow circulation of a layer of deep, warm and salty sub-ice water mass into 

the strait. However, the geometry of the water column through the strait may only allow 

one-way circulation of this layer from the Crosson side to the Dotson side, with Dotson to 

Crosson circulation constricted to upper, cooler water. Crosson to Dotson circulation 

could account for the observed high melt rates (~10 m/yr) at the grounding line of a 

Dotson pinning point, consistent with an inverted channel previously imaged on the 

underside of the Dotson Ice Shelf. By extension, the pathway through the Bear Island 

Strait allows water exchange between two large bathymetric troughs on the continental 

shelf. These results indicate previously unaccounted for avenues of regional ocean 

circulation and heat exchange likely to the influence the future deglaciation rate of the 

Amundsen Sea Embayment and West Antarctica. 
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CHAPTER 1: INTRODUCTION 

 

 The Antarctic and Greenland Ice Sheets control present-day sea level through 

changes in glacial mass (Boer et al., 2017). Currently, these ice sheets are losing mass and 

driving sea-level rise (IPCC, 2019). The Greenland Ice Sheet is the largest contributor to 

global sea-level rise with 0.77 ± 0.03 mm/yr between 2006 and 2015 (IPCC, 2019). 

However, the contribution from the Antarctic Ice Sheet, which was 0.43 ± 0.05 mm/yr, 

could overtake that from the Greenland Ice Sheet by the end of the century due to an 

acceleration in ice loss from the West Antarctic Ice Sheet (WAIS) (IPCC, 2019).  

 

 

Figure 1: Bed Elevation of Antarctica. West Antarctica is situated to the west 

of the Transantarctic Mountains. Note that the bed of West Antarctica is 

mainly below sea level. Figure modified from Morlighem et al. (2020). 
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Most of the subglacial land, or bed, of West Antarctica is below sea level (Figure 

1) (Morlighem et al., 2020). Because its bed sits below sea level, the WAIS is especially 

vulnerable to rapid ice mass loss and contribution to sea-level rise through the Marine Ice 

Sheet Instability (Schoof, 2007). Although the magnitude of sea-level rise that will be 

caused by a complete deglaciation of the WAIS is known, it is uncertain how quickly the 

future deglaciation will progress. Current predictions vary widely, with mass losses 

equivalent to 0.04 to 0.11 m of sea level rise (IPCC, 2019) (Figure 2). In addition, the 

uncertainty in these predictions is large, spanning a range from negligible rise to nearly 

0.3 m rise. A significant contributor to this uncertainty is the potential for circulation of 

sea water below ice shelves that hold back the ice on land and its impact on melt rate. This 

research investigates the relationship between ice shelves and ocean circulation in a sector 

of West Antarctica known as the Amundsen Sea Embayment (ASE) (Figure 3; red box). 

 

 
 

Figure 2: Projected sea-level equivalent Antarctic ice sheet mass loss. Red and blue 

lines and error shading show RCP8.5 and RCP2.6 scenarios, respectively. Figure 

source: IPCC (2019). 
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Antarctica experiences 63% of its ice-mass loss from the ASE sector, which 

equated to 2,130 Gt of ice-mass loss from 2002-2009 (Velicogna et al., 2014; 2020) 

(Figure 3). This deglaciation is currently happening mainly through thinning of ice 

shelves, which are floating extensions of the ice sheet and govern the flow of ice into the 

ocean (Scambos et al., 2017). 

 

 

 

Figure 3: Surface elevation change on the Antarctic continent. Note the high rate of 

elevation change in the Amundsen Sea Sector (red square). Figure modified from 

Smith et al. (2020). 



 

 
 

4 

The ability of an ice shelf to hold back upstream ice is known as the ice-shelf 

buttressing (e.g., Goldberg et al., 2009). This buttressing effect depends on the area of 

contact between the ice shelf with the valley walls and the sea floor; seafloor highs that 

penetrate the ice sheet to provide discrete “pinning” points are especially effective 

(MacGregor et al., 2012) (Figure 4). In addition to thinning, contact area with valley 

walls can be lost by detachment (Macgregor et al., 2012). Losing this contact area 

decreases the friction between the bed and the flowing ice of the ice shelf. When this 

contact area is lost and buttressing is reduced, ice flow begins to accelerate and the 

grounding line (where the ice shelf ceases to contact the bed) retreats inland. 

 

 

Figure 4: Idealized cross section of ice shelf showing loss of buttressing due 

to ice shelf basal melting. As the shelf thins, contact area with valley walls 

and pinning points is lost, and buttressing is reduced. This leads to ice 

speedup and grounding line retreat. Eventually, ice shelves become unstable 

with continued thinning. 
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The inland retreat of grounding lines in the ASE drives a positive feedback loop 

of further grounding-line retreat and accelerating ice loss as it facilitates additional ice 

loss and reduction of buttressing (Schoof, 2007). This positive feedback loop occurs 

because ASE glaciers are grounded below sea level on retrograde beds. A retrograde bed 

slopes downward in the landward direction (Figure 5). The positive feedback loop of 

grounding-line retreat and accelerating ice loss is driven by the fact that ice discharge at 

the grounding line increases proportionally to the 5th power of the ice thickness (IPCC, 

2019). The increasing ice discharge causes the grounding line to retreat further 

downslope, which increases the thickness at the grounding line and in turn increases the 

ice discharge. This positive feedback loop is known as Marine Ice Sheet Instability 

(MISI) and continues until the grounding line reaches a prograde bed. 

 

 

Figure 5: Cross-sectional diagram showing MISI condition of West-Antarctic marine-

based glaciers. Melt at the grounding line from ice-ocean interaction perturbs the 

grounding line onto a retrograde (landward-sloping) bed. Once perturbed onto 

retrograde bed, the grounding line will continue to retreat until it reaches a stable 

position on a prograde (seaward-sloping) bed. 
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 The four major ice shelves of the ASE are Pine Island, Thwaites, Crosson (CIS), 

and Dotson (DIS). All of the ice shelves of the ASE exhibit thinning, which is caused by 

melting due to interaction between warm water and the base of the ice shelves (Liu et al., 

2015). The warm water that melts the ice shelf base originates from the warm, salty deep 

water that circulates around Antarctica offshore of the continental-shelf break, known as 

Circumpolar Deep Water, or CDW (Scambos et al., 2017).  

 

 
 
 

Figure 6: Bathymetry of the Amundsen Sea. Troughs in the continental shelf 

serve as pathways for mCDW to circulate towards and interact with ice shelves. 

Crosson Ice Shelf and Dotson Ice Shelf are labeled CIS and DIS, respectively. 

The red line shows the location of the cross-section in Figure 7. 
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 Figure 6 shows the bathymetry of the continental shelf offshore of the ASE. 

Running the length of the continental shelf are several major deep troughs that lead from 

the shelf break into the cavities beneath the ASE ice shelves. Some CDW circulating 

around Antarctica offshore of the continental shelf break is periodically able to make it 

into the troughs in the continental shelf where it mixes with cooler upper waters (Jenkins 

et al., 2016) (Figure 7). This modified Circumpolar Deep Water (mCDW) interacts with 

the ice shelves, causing basal melting and thinning of the ice shelf. 

 

 

Figure 7: Cross-section with water temperature of Dotson-Getz Trough. Warm, 

deep CDW circulates around the continent offshore of the continental-shelf break. 

Periodically, some CDW circulates into troughs on the continental shelf, making 

mCDW which reaches the ice shelves. Figure modified from Ha et al. (2014). 

Cross section location shown in Figure 6. 
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  Of the major ASE glaciers, Thwaites poses the greatest threat of rapid, large-

scale deglaciation through MISI due to its large upstream drainage basin (Alley et al., 

2015). Therefore, an extensive effort has been focused on Thwaites Ice Shelf to 

investigate the key factors influencing MISI (Scambos et al., 2017; Seroussi et al., 2017; 

Waibel et al., 2018). However, there are several important reasons to also focus research 

effort on Crosson and Dotson Ice Shelves and the glaciers that they buttress. Although 

these ice shelves are adjacent, they exhibit very different glaciological behaviors and thus 

offer an opportunity to identify the characteristics governing these differences.  

One key difference is that Crosson Ice Shelf flows at a much higher ice speed 

than Dotson Ice Shelf (Figure 8). A contributing factor to this difference in speed is that 

Crosson’s valley margins have been progressively rifting from the calving front towards 

the grounding line since 1984 (Macgregor et al., 2012), whereas Dotson does not exhibit 

such rifting. Crosson also exhibits a higher thinning rate (Paolo et al., 2015). Together, 

the high ice-flow speed, thinning rate, and marginal rifting indicate a more advanced 

stage of deglaciation for Crosson than Dotson. One potential explanation for this more 

advanced state is a difference in trough waters delivered to the cavity beneath the 

respective ice shelves. 

While CIS and DIS physically border one another, the cavities beneath these ice 

shelves are presented as oceanographically distinct (Dutrieux et al., 2014; Jenkins et al., 

2018b). This is because the mCDW that interacts with them are hypothesized to come 

from different seafloor troughs on the continental shelf. 
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Figure 8: Ice-flow speed for Crosson and Dotson Ice Shelves and tributary glaciers, 

year 1996. Imagery shows that crevassing is more widespread on Crosson than 

Dotson. Note the much higher ice speed for Crosson as opposed to Dotson. Different 

speeds are likely caused in part by different ice-interacting ocean temperatures and 

thus thinning rates. Yellow and green lines are 1996 and 2011 grounding lines, 

respectively. Figure from Lilien et al. (2018). 
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CIS is hypothesized to be fed by waters originating in the Pine-Island-Thwaites 

trough, and DIS by waters originating in the Dotson-Getz trough (Dutrieux et al., 2014; 

Jenkins et al., 2018b) (Figure 6). Ice shelves that are adjacent to Pine-Island-Thwaites 

Trough have much warmer waters in their cavities than those adjacent to Dotson-Getz 

Trough; temperatures are greater by about 0.5C at equal depths starting at about 700 m 

depth (Figure 8). Above this, the temperature-depth relationship between the different 

Figure 9: Potential temperatures in ice shelf cavities fed by ASE continental shelf 

troughs. Potential temperature is the temperature relative to the in-situ freezing 

point, which varies with pressure and salinity. Potential temperatures are higher in 

Pine Island-Thwaites Trough fed ice shelf cavities (Pine Island, Thwaites, Crosson) 

than in Dotson-Getz Trough fed cavities (Dotson, Getz) Figure Source: Jacobs et al. 

(2012). 
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trough waters begins to equalize. The difference in water temperature in each of these 

troughs likely plays a role in the difference in destabilization that CIS and DIS exhibit. 

Recently, Gourmelen et al (2017) documented an inverted channel incised into the 

base of the DIS associated with a locally high thinning rate (Figure 10). The inverted 

channel runs the length of the ice shelf, beginning near the grounding line and traveling a 

clockwise path towards the ice-shelf front. Along the inverted channel, there is a much 

higher thinning rate than the rest of the ice shelf. Gourmelen et al. hypothesized that the 

cause of the high melt rate within the inverted channel is at least partly due to the 

interaction at the base of the ice shelf with warmer CIS-cavity-originating water 

circulating into the DIS cavity. This hypothesized circulation would have to occur 

through the strait between Smith Glacier to the south and Bear Island to the north, an area 

henceforth referred to as the Bear Island Strait (BIS) (Figure 8). 

Because Crosson and Dotson are fed waters from different continental-shelf 

troughs and the difference in the ice-shelf stability between the two ice shelves could be 

caused by the different temperatures of these waters, the possibility of such cross-cavity 

circulation has large-scale implications for future ice-shelf destabilizaton rates and 

Amundsen Sea circulation. An opening in the BIS would allow for Pine-Island-Trough 

waters to enter the Dotson-Getz Trough, giving the warmer water access not only to 

Dotson Ice Shelf but also to the Getz Ice Shelf (Figure 3). This could potentially lead to 

an acceleration in ice loss from Dotson and Getz Ice Shelves and large-scale changes in 

the ocean circulation of the ASE in which the Pine-Island-Thwaites Trough and Dotson-

Getz Trough exchange water. 
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Figure 10: The Dotson-Ice-Shelf inverted channel location (outlined in yellow) shown 

by the high elevation change rate. The inverted channel has a much higher elevation 

change rate than the rest of the ice shelf due to an elevated basal melt rate. The 

channel originates at a pinning-point gap between Bear Island and the Antarctic 

mainland. Figure modified from Gourmelen et al. (2017). 
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 The bordering catchment areas of Crosson, Dotson, and Thwaites links the ice 

shelves glaciologically. Therefore, Lilien et al. (2019) hypothesized that thinning at the 

ice divide between the Thwaites and CIS-DIS-feeding catchments could result in more 

ice loss than would occur from thinning only at the Thwaites front, leading to faster sea-

level rise than is currently projected by some ice-sheet models. Additionally, Lilien et al. 

(2019) concluded that recent grounding-line retreat of Smith Glacier from 1996-2011 

occurred due to elevated melt at the grounding line. This large-scale retreat since has 

positioned the grounding line in the deepest portion of the basin, which is further inland 

than neighboring glaciers’ grounding lines (Figure 7). Therefore, knowledge of ocean 

circulation and ice-ocean interactions in the BIS is key to reducing uncertainty in the 

timing of ASE ice loss and associated sea-level rise. 

Gourmelen et al’s hypothesis of cross-cavity circulation relies on deep bathymetry 

and a thick water column through the BIS. That hypothesis was based on the bathymetry 

revealed by Millan et al. (2017) through inversion of aerogravity data. However, that 

bathymetry is unreliable because the inversion lacked in situ constraining data. Due to a 

lack of reliable bathymetry in the BIS, this hypothesis currently lacks evidence. This 

work focuses on supplying the missing bathymetric data to test the validity of the cross-

cavity circulation. 
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CHAPTER 2: RESEARCH OBJECTIVES AND HYPOTHESES 

 

 2.1 Background 

 Two hypotheses have been proposed for the creation of the DIS inverted channel: 

(1) an increase in basal-melt rate along the channel path due to meltwater originating in 

the warmer CIS cavity entering the DIS cavity via a pinning-point gap and running along 

the ice-shelf base (Gourmelen et al., 2017); and (2) increased basal melt via warming of 

DT-originating mCDW and buoyancy-driven melt (Lilien et al., 2018). These hypotheses 

are based on observations of the location and geometry of the channel, the location of 

large basal-melt rates within the BIS, inferences about the timing of prior grounding-line 

retreat, and bathymetry data which is unreliable based on the lack of constraining data. 

Considering that CIS mCDW is warmer than DIS mCDW, meltwater derived 

from the CIS mCDW travelling through BIS pinning-point gaps into the DIS cavity could 

elevate melt rates along the DIS channel path. A reservoir of CIS mCDW causing high 

basal-melt rates at the Smith-Glacier grounding line is proximal to the BIS pinning-point 

gaps, and the Coriolis effect could divert the resulting meltwater towards these gaps. It is 

therefore possible that pinning-point gap ungrounding could have opened a cross-cavity 

water pathway and initiated the formation of the channel (Gourmelen et al., 2017). 

However, discerning cross-BIS water transport requires a knowledge of the water-column 

thickness between pinning-point gaps, which is unknown within the BIS. 

Calculation of water-column thickness from currently available remotely-sensed 

data requires two parameters: ice-shelf depth and bathymetry. Ice-shelf thickness and its 
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base depth at the channel-originating pinning-point gap can be calculated from current 

airborne radio-echo-sounding and satellite-remote-sensing data. However, radio waves 

cannot penetrate through the ocean to measure the seafloor depth.  

Sub-ice-shelf bathymetry can be modeled from the inversion of gravity data 

although the currently-available gravity-based bathymetry of DIS and CIS (Millan et al., 

2017; Jordan et al., accepted) lacks constraining data. The inversion of gravity-anomaly 

data is a nonunique problem and in situ data are needed to constrain the inversion by 

providing known seafloor depths in some areas within the inversion domain (Brisbourne 

et al., 2014). The latest Jordan et al. (accepted) bathymetry cannot be relied upon to 

determine water-column thickness throughout the Bear Island Strait until it is verified to 

agree with in situ data. 

 

2.2 Research Objectives 

The goal of this research is to determine the existence and nature of sub-ice-shelf 

water pathways through the Bear Island Strait by revealing the bathymetry and the water-

column thickness using active-source refraction- and reflection-seismic data. The 

determination of the water-column thickness in the inverted-channel pinning-point gap 

will indicate: 1) if sub-CIS and sub-DIS waters have a cross-cavity water-circulation 

pathway and whether mCDW has access to this pathway, and 2) how the geometry of the 

BIS bathymetry affects thermohaline circulation near the Smith-Glacier grounding line. 

The results of this study have implications for ice-ocean interactions of CIS and DIS, the 
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stability of upstream ice, the ocean circulation in the Amundsen Sea, and the timing and 

magnitude of the resulting sea-level rise. 

 

2.3: Hypotheses 

1. Shallow seafloor and thick ice in the BIS isolates DIS cavity water from CIS cavity 

water. 

2. Warming of DIS mCDW and thus mCDW-laden meltwater initiated formation of the 

DIS channel.  

My hypotheses oppose that of Gourmelen et al. (2017) in that I hypothesize that 

no through-circulation in the Bear Island Strait occurs. I base my first hypothesis on 2 

lines of evidence: 1) the likelihood of local seafloor highs in the BIS based on recent 

ungrounding and 2) the timing of channel formation compared to the timing of the 

ungrounding of the channel-originating pinning-point gap (between 1996 and 2011) 

(Figure 7). 

The first line of evidence on which I base hypothesis 1 is the likelihood of local 

seafloor highs due to relatively recent ungrounding of the BIS shown by grounding line 

retreat data (Rignot et al., 2016; Lilien et al., 2018; Figure 11). The grounding line data 

shows that this area is lined with pinning points that recently formed an almost 

continuous grounding line from the Antarctic mainland to Bear Island (Rignot et al., 

2016). Gaps between the pinning points began forming after 1996, before which only a 

single gap among the pinning points existed (Rignot et al., 2016).  
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Figure 11: Change in grounding-line position in the Bear Island Strait, 1996 – 2011. 

Note the almost continuous grounding line between the Antarctic mainland and Bear 

Island in 1996, which ungrounds to form pinning points at some time between 1996-

2011. The highest grounding-line retreat of 30 km occurred for portions of Smith 

Glacier. The compressive arch is the boundary where the stress regime changes from 

compressional (landward) to dilatational (seaward). Figure modified from Lilien et al. 

(2018). 
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Based on the geometry of the recent ungrounding in the area, I infer that local 

seafloor highs exist. I infer that the bed in recently ungrounded areas should be 

topographically higher than in adjacent areas that have not recently been grounded. This 

inference assumes a relatively uniform ice-base elevation compared to bed elevation 

throughout the area. That assumption is likely valid because grounded areas have rougher 

ice-surface topography than floating areas, and the surface of ice in hydrostatic 

equilibrium is reflective of the ice-basal topography. I hypothesize that these inferred 

local seafloor highs are shallow and continuous enough to obstruct mCDW flow through 

the BIS.  

The second line of evidence supporting my hypotheses is the relative timing of 

the opening of the pinning-point gaps in the area compared to the formation of the 

inverted channel. Lilien et al. (2018) showed that the inverted channel likely formed 

during the period 1968-1983. That information assumed that the channel formed at the 

grounding line and advected to the current position at the ice velocity observed for 1996. 

This assumption is justified by Lilien et al. by the observation that the current melt is 

highest along the side of the channel facing the grounding line. This suggests that the 

incising water is forced towards the grounding line but does not widen the channel as fast 

as the ice advection. Because the timing of the channel formation (1968 – 1983) predates 

the ungrounding of the channel-originating pinning-point gap (1996 – 2011), the channel 

is unlikely to have formed via opening of a water pathway through this gap.  

Hypothesis 1 will be tested by revealing the BIS bathymetry and determining the 

water-column thickness between the channel-originating pinning-point gap using seismic 
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spot soundings. Hypothesis 2 is an extension of hypothesis 1. If hypothesis 1 is accepted, 

hypothesis 2 will be accepted on the basis that an increase in the heat content of Dotson-

Getz-Trough-originating mCDW would increase the melt rate at the grounding line. This 

would create a buoyant, rising meltwater plume and initiate incision into the ice above. 

The timing of increased basal melt likely coincided with the grounding-line retreat and 

acceleration of Kohler Glacier, which then advected the channel downstream to its 

current position (Lilien et al., 2018).  

If hypothesis 1 is rejected, then the alternative hypothesis that a cross-BIS 

circulation pathway exists between CIS and DIS would be accepted. Accepting the 

alternative hypothesis will also open the possibility of cross-cavity circulation and 

intermixing of CIS and DIS waters, as well as larger-scale exchange of waters between 

the Pine-Island-Thwaites Trough and Dotson-Getz Trough. Access of CIS-cavity-

originating mCDW to the Dotson cavity would imply that DIS is likely to remain stable 

for a shorter period than if cooler DIS cavity waters are isolated from the warmer CIS 

cavity waters. However, intermixing of DIS and CIS waters in the BIS would dilute the 

relatively warm CIS-originating water with relatively cold DIS-originating water, 

possibly reducing the melting potential of water in the Bear Island Strait. Analogous 

implications for Pine-Island-Thwaites Trough – Dotson-Getz Trough circulation also 

hold true: the warmer Pine-Island-Thwaites Trough water entering the Dotson-Getz 

Trough would increase the melting potential of western ASE glaciers while the colder 

Dotson-Getz Trough waters entering the Pine-Island-Thwaites Trough would decrease 

the melting potential of eastern ASE glaciers. 
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CHAPTER 3: METHODS 

 

For this project, I used seismic data to find the ice-shelf-bottom and seafloor 

depths in the Bear Island Strait. One refraction-seismic survey and twenty seven 

reflection-seismic spot soundings were conducted in the study area. The refraction-

seismic survey was used to determine the P-wave velocity as a function of depth through 

the firn and ice that compose the ice shelf. The velocity profile from the refraction-

seismic data was used in determining the ice and water-column thicknesses from the 

reflection-seismic spot-sounding data through geophysical inversion. The ice and water-

column-thickness point data were then interpolated onto a grid to make maps of 

bathymetry and water-column thickness. The data for this project were collected in 

January 2020 as part of the field season of TARSAN (Thwaites Amundsen Regional 

Survey and Network) project, which is one of the projects of the International Thwaites 

Glacier Collaboration (Barbuzano, 2020). 

 

 3.1 Refraction-Seismic Data 

 Refraction-seismic data were used to determine seismic wave velocity at depth. 

The refraction survey utilizes waves that bend through the firn (compacted snow) and ice 

to determine the velocity in the layers that the waves travel through (Kirchner and 

Bentley, 1990). The further the offset distance between the seismic source and the 

geophone, the deeper the wave travels. To get a velocity profile through the entire firn 
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down to the ice where the velocity becomes constant, offsets of several hundred meters 

need to be used. 

A refraction-seismic survey was conducted at 74.871183S, 112.202404W to 

determine the velocity-depth relationship through firn and ice. The survey was conducted 

using a 24-geophone array with 20-m spacings. The seismic sources used were 8-lb 

sledgehammer strikes on a metal plate and pentaerythritol tetranitrate (PETN) explosive 

charges. Hammer source locations were used close to the 0-offset geophone and the 

explosives were used at 10 m and greater offsets. The hammer source shots were spaced 

2 m apart and 8 shots were conducted with the hammer source. Ten shots used PETN 

explosive charges. The farthest offset shot was at 200 m from the closest geophone and 

hence the farthest offset was 660 m. Shot offsets to the closest geophone and 

corresponding source types are shown in Table 1. A total of 18 shots were used for the 

refraction-seismic survey. All shots were conducted using the same geophone positions; 

the only variable in the geometry for each shot was the shot location. 

The refraction-seismic data were analyzed by picking the first-break arrival times 

for each channel in each shot record. Using the information of geophone offsets and the 

picked arrival times, the velocity-depth profile through firn and ice was derived using the 

methods of Kirchner and Bentley (1990). This method relies on the assumption that the 

velocity through firn and ice increases monotonically with depth. The method fits a 

function of the form: 

𝑡 =  𝑎1{1 −  𝑒−𝑎2𝑥} + 𝑎3{1 −  𝑒−𝑎4𝑥} + 𝑎5𝑥   (1) 
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to the offset-traveltime data. In Equation 1, x is the geophone offset, t is the picked 

traveltime, and ax are the coefficients that are determined by the function fitting 

procedure. The function is fitted using the lsqcurvefit nonlinear least squares solver in 

Matlab. The function found by the solver program is the velocity-offset curve. This is 

then converted to a velocity-depth curve using the Wiechert-Herglotz-Bateman integral.  

 

 

 
 
 

Below the maximum depth reached by the refraction survey, I constrained the 

velocity of the profile using the minimum temperature from a computer-model-derived 
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temperature profile from another research project (D. Lilien, personal communication, 

2020). I constrained the maximum velocity using the minimum temperature because the 

P-wave velocity in ice is controlled by temperature, with lower temperatures at greater 

depths corresponding to higher velocities (Kohnen, 1974). The velocity-depth profile was 

then used in the forward modeling of reflection-seismic arrival times. 

 

 3.2 Reflection-Seismic Soundings 

 A total of 27 reflection-seismic spot soundings were taken in the Bear Island 

Strait. Figure 12 shows the location of spot soundings, as well as the shallow-refraction 

survey. The spot soundings were conducted with a 24-channel geophone array with 20-m 

spacings. The seismic source for each sounding was 4 or 5 150 g PETN charge located at 

the 0-m offset to the first geophone in the array. Each shot was recorded with Geometrics 

Geode recording system at 8000 Hz for 2048 ms (2.048 seconds). 

The reflection-seismic shot records show the primary reflections from the ice-

shelf bottom and the seafloor, as well as multiple reflections from the ice-shelf bottom. 

Using the GlobeClaritas software, I picked the arrival times of the ice bottom and 

seafloor to within  1 ms for each geophone channel (Figure 13). The primary arrival for 

the ice bottom has a positive shift in the recorded wiggle trace and is the first arrival in 

the trace after the direct wave, which travels directly from the source to the geophones 

near the surface. The ice-bottom arrival was clear in all the shot records, although in 

some shots several channels’ arrivals were obscured by groundroll (coherent noise due to 

surface waves) (Society of Exploration Geophysicists, 2018). 
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Figure 12: Locations of seismic soundings and seismic refraction 

survey in relation to the 2014 grounding line. The numbers shown 

are shot-record IDs. 
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The seafloor arrivals were less clear than the ice-bottom arrivals in some of the 

shot records, especially those with shallower seafloor. This is because there were 

multiples (echos) in the records from the ice bottom following the ice-bottom primary 

arrival that sometimes obscured the seafloor primary arrival or occurred near it. Multiples 

are caused by seismic energy reflecting between a subsurface boundary and the surface-

air boundary multiple times. To distinguish the seafloor primary from ice bottom 

multiples, I used the polarity of the arrivals as well as the predicted arrival time of ice-

Figure 13: Picked arrival times for ice-bottom reflector for shot 1228. Picks are green 

boxes. The pick was typically the first coherent energy arrival after the direct and head 

waves. Ice-bottom picks were generally well resolved in the data. 
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bottom multiples based on the ice-bottom primary arrival. Multiples can be seen on the 

shot record for shot 1228 on Figs. 13 and 14. 

 

 

 
 
 
 

The ice-bottom multiples arrive at near-whole-number multiples of the ice-bottom 

primary arrival time. The reason that the multiple arrivals are not exact whole-number 

multiples of the primary arrival time is that the source is not buried at the same depth as 

the geophones; therefore, the multiples have a further distance to travel than the primary. 

Figure 14: Picked arrivals for seafloor reflector for shot 1228. Seafloor arrivals occur 

after direct wave, ice bottom, and ice-bottom-multiple arrivals. Many arrivals required 

the use of Automatic Gain Control processing to be resolved. 
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The polarity of the seafloor primary is positive, whereas the polarity of the ice-bottom 

multiples is negative. This method allowed for ice-bottom- and seafloor-primary arrivals 

to be distinguished in each shot record. 

 

3.3 Inverse Modeling 

After the ice-bottom- and seafloor-primary arrivals were picked, I modeled the ice-

bottom and seafloor depth, as well as the slope of these interfaces along the orientation of 

the geophone array by the inversion of the picked arrival times. The forward model used 

in the inversion was a raytracing program named Rayinvr (Zelt and Smith, 1992) written 

in Fortran. Rayinvr is a 2D ray tracing program that calculates traveltimes for multilayer 

velocity structures with sloping interfaces. First, the inversion code randomly selects an 

ice-bottom-reflector depth and slope directly beneath the source and creates a 

corresponding velocity profile through firn and ice. Running the forward model using 

these parameters produces arrival times that are then compared to the picked arrival 

times, which gives a measurement of the error, which is the root-mean-square difference 

between the picked and modeled arrival times. Many different combinations of ice-

bottom depth and slope are tested. This process continues until the code either finds a 

model that gives travel-time errors that are below a preset tolerance level (i.e. they 

adequately fit the data), or a preset limit of forward models are tested. After the ice-

bottom reflector is modeled, the seafloor reflector is modeled using the same iterative 

process, but using a constant velocity through the water column and the predetermined 

ice parameters for modeling arrival times. 
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The inverse modeling was implemented as a Matlab script that calls Rayinvr within it. 

The Matlab script first loads the picked traveltime data and velocity profile through firn 

and ice. It then uses the Very Fast Simulated Annealing (VFSA) algorithm for the inverse 

modeling. The workflow diagram for the Matlab script is shown in Figure 15. 

 

 

 

 

 
 

Figure 15: Flowchart of Inversion process for finding Ice-bottom and Seafloor slopes 

and depths. VFSA stands for Very Fast Simulated Annealing. The VFSA inversion 

process is shown to right as an expansion of another step. This process was conducted 

twice for each shot: once to deduce the ice geometry, then again to deduce the 

seafloor geometry. The output of the VFSA inversion is depth and slope of reflectors 

directly beneath the seismic source. 
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Very Fast Simulated Annealing (VFSA) is a method of inversion which aims to 

reduce the error of the model to the global minimum as opposed to local minima that 

simpler inversion methods risk converging upon (Menke, 2012). This means that the 

inversion finds the model that gives the least error possible. This inversion technique is 

based on the way molten metal cools and crystallizes, i.e., anneals. The concept is that 

molten metal, which is cooled too quickly will not have time to crystallize into the lowest 

energy state, which represents convergence upon some local minima in the analogous 

inversion. However, if the metal cooled slowly compared to the diffusion of its 

components, the lowest energy crystal form will be realized, representing convergence 

upon the global minimum (Menke, 2012).  

The VFSA algorithm follows this framework by perturbing the model by a small, 

random amount for each iteration. At the beginning, a high ‘temperature’ allows for 

changes in the model that increase the error (the difference between the data and the 

model) to be accepted. This allows the model to avoid converging on a local minimum. 

As the inversion process continues, the temperature is reduced, decreasing the probability 

that a change in the model that increases the error will be accepted. The temperature 

reduction is controlled by an exponential decay model, so that the temperature is reduced 

each time a set number of iterations is exceeded for that temperature or a new model is 

accepted for a set number of consecutive iterations. When a set number of total iterations 

over all temperatures is reached or the error is below the data tolerance, the VFSA 

algorithm stops and the calculated model is returned (Menke, 2012). 
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I calculated the tolerances for the ice-bottom and seafloor reflectors for each shot 

separately. To calculate the tolerances, I calculated a set of random variables with the 

number of elements equal to the number of picked arrival times. The random variables 

were uniformly distributed between 0 and 1. I took the square root of the sum of squares 

of this set of random variables. This process was repeated 10,000 times and the mean of 

the 10,000 random variables was then taken as the tolerance. 

I ran the VFSA algorithm 100 times each for the ice-bottom and seafloor 

reflectors for each shot. The inversion must be run first for the ice bottom, as the 

seafloor-reflector model depends on the ice thickness. I then averaged the 100 returned 

depths and slopes for each reflector for each shot to arrive at the final values (Figure 16). 

The inversion returns the ice-bottom and seafloor depths located directly below the 

seismic source and the 0-m-offset geophone.  

In the seafloor-reflector inversion, I used a constant water velocity of 1456 m/s. 

This constant velocity came from averaging the P-wave velocities at depth for a 

conductivity-temperature-depth (CTD) profile reported in Jenkins et al. (2018a). Jenkins 

et al. collected CTD profiles along the Dotson-Ice-shelf front from the years 2000 to 

2016. I used the CTD data from Station 11 collected in 2011, which had the second-most 

data points along the regular depth intervals of 1 m from 0 m to 1500 m below sea level 

(1204 data points). To convert from pressure to P-wave velocity, I used the Gibbs 

SeaWater Oceanographic Toolbox (McDougall and Barker, 2011). 
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3.4 Differential GPS 

GPS data were required to accurately locate shot positions in relation to the 

WGS84 ellipsoid so that the data could be compared with existing glaciological and 

oceanographic data. For high accuracy, positional data were acquired in the field using a 

Differential GPS (DGPS) system. DGPS provides cm-level accuracy to the positional 

data. The concept of DGPS is that by using one stationary (base) receiver and one roving 

receiver, errors in the data can be reduced to the cm-level (Clynch, 2001). This accuracy 

is highly improved over single-receiver GPS units and is achieved by the removal of 

intentionally introduced error to GPS satellite signals.  

Figure 16: Picked and modeled arrival times for shot 1228. Modeled arrivals are for 

a planar, sloping reflector. Disparities between picked and modeled arrivals come 

from picking error as well as non-planar nature of actual reflectors. Tiled figures 

showing the inversion results for ice-bottom and seafloor reflectors for each shot are 

in the Appendix. 
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The base receiver used for the DGPS processing was the POLENET Bear 

Peninsula GPS station (Wilson et al., 2011). The data from this base receiver was 

downloaded from the UNAVCO website (https://connect.unavco.org/display/BERP). 

Location and elevation data were collected at each source location using one Emlid 

Reach RS2 DGPS receiver by placing it on a metal pole that was inserted into the ice-

shelf surface. The distance from the snow surface and the bottom of the receiver antenna 

were measured with a tape measure. Data were recorded at 5 Hz for at least 10 minutes at 

each site. Using the data recorded by the base receiver, the data recorded by the roving 

receiver were then corrected using the software RTKLIB (Version 2.4.3 b33; Takasu, 

2011). The uncertainty for the DGPS positions were calculated as the standard deviation 

the x-, y-, and z-position data recorded for each shot. The uncertainties are almost all 

below 10 cm, except for the y-position uncertainty for shot 1224 (Table 2). 

After finding the depth to the ice bottom and seafloor below the shot elevation 

through inversion, I converted these depths to elevations relative to the WGS84 ellipsoid. 

The calculation for conversion was depth to reflector minus shot elevation above WGS84 

ellipsoid. Shot elevation was determined by subtracting the DGPS receiver antenna 

height above the ice-shelf surface from the receiver elevation.  
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3.5 Data Interpolation 

Ice-bottom and seafloor elevations were interpolated on a 500 m by 500 m grid 

covering a 30 km by 26 km grid in the Antarctic polar stereographic projection (EPSG 

3031). The grid center location is -1,527,500 m, -615,500 m. The elevation of the bed 

beneath grounded ice is known from airborne radar measurements, which penetrate 

through the ice down to the bed. The grounded bed elevations were taken from the 

Bedmachine Antarctica dataset (Morlighem et al., 2020). I used the splines-under-tension 

interpolation technique for the interpolation with a tension factor of 0.1 (Wessel and 

Bercovici, 1998). 

After interpolating the seafloor and ice bottom, I calculated the water-column 

thickness below the ice shelf. This calculation consisted of subtracting the seafloor 

elevation data grid from the ice-bottom elevation data grid. I used the water-column 

thickness in my interpretation of water circulation beneath the ungrounded ice. 

 

3.6 Uncertainty Estimation 

Uncertainties in the sounding data arise from three sources. These sources are: 

error in the velocity profile, error in the picking of reflection arrivals, and unknown 

geometry of the reflectors. These uncertainties are calculated separately and then 

combined using the root sum of squares method. 

The two minor sources of uncertainty in the sounding data are from the errors in 

the velocity profile and in the picking of reflection arrivals. The error in the velocity 
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profile gives uncertainties of 5 and 10 m for depths to the ice base and seafloor reflectors, 

respectively. I used these uncertainties from Nøst (2004) rather than calculating them 

specifically for the data in this project. This was done to focus efforts on the uncertainty 

of the seafloor geometry, which is the largest source of uncertainty in my data set. 

The uncertainty in the ice base elevation due to unknown geometry of the ice-

bottom reflector is estimated at 5 m from Nøst (2004). The primary source of uncertainty 

in the soundings related to the geometry is from the seafloor reflector. The depths 

calculated for each shot are directly below the source location. Because the forward 

model is for a planar sloping reflector that is continuous along the domain of the linear 

array of geophones, the locations of the reflections are not directly below the reflector, 

but out along it (Figure 17). The calculation for the depth of a reflector assumes that the 

reflector is planar and has the same slope through the model domain. However, the slope 

of the reflector could change between the first reflection point and the vertical projection 

of the source.   

To arrive at the uncertainty for seafloor slopes along the orientation of the 

geophone array, I use the method of Nøst (2004), (Figure 18). This method allows for the 

geometrical uncertainties of each shot to be calculated. There is uncertainty in the 

seafloor depth from the unknown slope in the direction of the geophone array because 

between the point directly beneath the source and the area where the reflections occur on 

the seafloor, the slope could be between 0 degrees and some unknown maximum slope. 

For this method, the maximum seafloor slope value used is the maximum seafloor slope 
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found in all inversions, 9.46 degrees. Figure A2 shows the hand calculations for the 

quantities depicted in Figure 18. 

 

 

 

 

 

  

Figure 17: Schematic diagram of reflections on sloping seafloor. The 

model seafloor reflector is assumed to slope at the same angle 

throughout the model domain when the depth to the seafloor below the 

source is calculated. However, the slope could change between the 

closest reflection point to the source and the point below the source, 

introducing geometrical uncertainty in the depth. Figure reproduced 

from Nøst (2004). 
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Figure 18: Diagram showing the method of estimating uncertainty for unknown 

seafloor reflector geometry, following the method Nøst (2004). The uncertainty is 

estimated using constant velocities for ice and seawater. The calculation in this 

example is for shot 1228.. 
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I start the process of estimating the geometrical uncertainty by calculating the 

vertical-path traveltimes to the ice base and seafloor along H1 and H2 in Figure 18 using 

the time-distance-velocity relationship. I use a constant ice velocity of 3746.4 m/s for all 

uncertainty calculations. This velocity is calculated by linearly interpolating the firn/ice 

velocity profile at 0.1 m depth increments from 0 m to 529 m. I then take the average of 

all 5291 velocity values to get the mean of firn and ice velocity of 3746 m/s. I linearly 

interpolate to 529 m because it is the average depth of all modeled ice-bottom reflector 

depths.  

I then observe that given a seafloor slope, the raypath traveling from the source to 

the seafloor and back to the source must be normal to the seafloor reflector. Therefore, 

the angle of incidence at the ice base reflector, θ1, must result an angle of exitance, θ2, 

equal to the slope of the seafloor reflector. The angle 𝜃1 is calculated using Snell’s Law. 

Then, the path to the ice base reflector is calculated using trigonometric relationships. I 

then calculate the travel time the ray would take to this point using the time-distance-

velocity relationship. Knowing the path length to the ice base reflector, ℎ1, the 

information about the raypath through the ice column is complete.  

The difference between the one-way travel time through the ice along ℎ1 for a 

horizontal reflector is used as the one-way travel time through the water column traveling 

along ℎ2. This one-way travel time is used to calculate the path length ℎ2. Using this 

length as the hypotenuse of a right triangle, I then use trigonometrical relationships to 

calculate the coordinates of the seafloor reflection point. Another right triangle is then 

calculated to find the difference in depth between an extrapolated maximum-slope 
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reflector and the depth for a reflector that bends to horizontal towards the source 

((𝐻2)θ2=0). The difference between the two cases is taken as the uncertainty in seafloor 

depth. Figure A2 shows an example calculation for shot 1228. For this example, the 

uncertainty is 13.0 m. This is referred to as the along-array geometrical uncertainty. For 

all shots, the along-array geometrical uncertainty ranges from 7.2 to 55.9 m. 

In addition to the along-array geometrical uncertainty, there is also a geometrical 

uncertainty that arises from the unknown slope in the seafloor reflector perpendicular to 

the geophone array. Calculating the uncertainty from slope perpendicular to the geophone 

array direction is straightforward with the equation developed by Nøst (2004): 

 

𝐻2 − (𝐻2)θ2=0 =
1

2
𝐻1

𝑣𝑖𝑐𝑒

𝑣𝑠𝑒𝑎
θ2
2 +

θ2
2

2
(𝐻2)θ2=0   (2) 

 
 

In Equation 2, (𝐻2)θ2=0 is the depth to the seafloor below the source estimated with a 

horizontal seafloor reflector. 𝐻1 and 𝐻2 are the ice and water-column thicknesses, 

respectively. 𝑣𝑖𝑐𝑒 and 𝑣𝑠𝑒𝑎  are the P-wave velocities of ice and seawater. θ2 is the 

maximum seafloor slope. This equation requires the calculation of the seafloor depth with 

a horizontal seafloor from the reflection point to the point below the source, (𝐻2)θ2=0. 

The uncertainty resulting from the maximum seafloor slope perpendicular to the 

geophone array for shot 1228 is 31.2 m. The calculate uncertainties for all shots for the 

perpendicular slopes range from 15.2 to 32.2 m. I combine the along-array and 

perpendicular-array geometrical uncertainties using the root sum of squares, as I assume 
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they are independent of one another. The combined geometrical seafloor-depth 

uncertainties for all shots range from 24.8 to 65.0 m. 

I combine the geometry, velocity, and picking uncertainties for the ice bottom, 

seafloor, and water column using the root sum of squares method to obtain the final 

uncertainty values. These resulting uncertainties are plotted for each shot in Figure 19. 

The geometrical and combined uncertainty values are reported in Tables 4 and 5. A 

histogram of the water column uncertainties is shown in Figure 20. A more rigorous 

method of combining the uncertainties would propagate the picking and velocity 

uncertainties into the geometry uncertainties, but that is outside the scope of this project.  
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Figure 19: Map of water-column thickness uncertainties. The number 

labels are the shot numbers for each sounding. 
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Figure 20: Histogram of water-column thickness uncertainties. 

These values are reported in Table 5. There is a skew in the data, 

with the median occurring in the 37-41 m uncertainty range. 
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CHAPTER 4: RESULTS 

 

 4.1 Refraction-Seismic 

Figure 21 shows the picked arrival times vs. the fitted function for the refraction-

seismic data (Equation 1). The graph shows good agreement between the arrivals and the 

fitted function. The function fitted to the data in Figure 21 was used to calculate the 

velocity-depth profile in Figure 22. The velocity profile begins at 1371 m/s at the surface 

and increases monotonically to a velocity of 3841 m/s at a depth of 105.9 m. Below this 

depth, the velocity profile was held constant at 3841 m/s. The profile was continued 

down to 106.7 m. When modeling ice-bottom reflectors below this depth, the velocity 

profile was continued down to the depth needed at 3841 m/s. 

 

 

Figure 21: The picked arrivals and function fitted to them used in 

calculating the velocity profile through firn and ice. The fitted 

function uses 6 coefficients and is described in Kirchner and 

Bentley (1990). 
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Figure 22: The velocity-depth profile determined from the integration 

of the fitted function fitted to the picked refraction arrivals. The profile 

was used in creating the velocity structure used in the inversion of ice-

bottom and seafloor depths for shot 1228. 
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4.2 Reflection-Seismic Soundings 

Table 6 shows the inversion results for each shot. All shot locations had seafloor 

depths below the ice bottom, meaning that ice is ungrounded at all surveyed locations. 

Note that the grid-south-most sounding was over a formerly grounded location, which 

was last known to be grounded in 2014 from the grounding-line data of Rignot et al. 

(2016). The maximum ice-base slope was 9.8 degrees and the maximum seafloor slope 

was 9.5 degrees. Minimum ice-base depth was 355 m and maximum ice-base depth was 

614 m. Minimum seafloor depth was 412 m and maximum seafloor depth was 1427 m. 

Minimum water-column thickness was 30 m and maximum water-column thickness was 

1012 m.  

Figure 23 shows the locations of the seismic spot soundings, ice-bottom elevation 

and 2014 grounding line. The ice-bottom elevation is generally uniform within the 

sounding grid, with some undulations. In general, the ice bottom is deeper in the grid 

north area and shallower in the grid south area. 

Figure 24 shows the bathymetry derived from the seismic soundings along with 

the 2014 grounding line. The bathymetry shows troughs leading from the Bear Island 

Strait to Dotson Ice Shelf to the grid west and Crosson Ice Shelf to the grid east. The 

deepest seafloor is in a basin centered around (-1525 km, -623 km).  
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Figure 23: Ice-bottom elevation from seismic spot soundings. 
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Figure 24: Bathymetry derived from the seismic spot soundings. 

Seafloor elevations outside of the data grid and in areas of sparse 

soundings are not constrained. The seafloor elevation between seismic 

sounding points was interpolated using the splines-under-tension 

method. 
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Figure 25: Map of seismically-constrained water-column thickness. 

Water-column thickness generally follows the patterns of the 

bathymetry, indicating that thickness is more strongly controlled by 

seafloor elevation than ice-bottom elevation and that ice-bottom 

elevations are generally uniform in the area. Dotted white line A-B-C-

D-E-F follows the deepest portion of the bathymetry and is the cross-

sectional path of Figure 25. 
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Figure 25 shows the water-column thickness. The water-column thickness 

generally follows the pattern of the bathymetry. The thickest water column occurs in the 

region centered around (-1525 km, -623 km). There are regions of thick water column 

following the bathymetric troughs leading to Dotson and Crosson Ice Shelves. 

 Figure 26 shows the cross section following path A-B-C-D-E-F on Figure 25. The 

cross section shows that there is a continuous section of ungrounded ice throughout the 

study area. The upper limit of mCDW is at -730 m. The significance of this observed 

continuous thick water column in relation to ocean circulation will be discussed in the 

next chapter. 
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Figure 26: Cross section along path A-B-C-D-E-F. mCDW top from Jenkins et al. 

(2018b) and Dutrieux et al., (2014). Dotson side of BIS is on the left of the cross-

section, Crosson side is to the right. The cross section shows a continuous water 

column with mCDW levels above seafloor levels through the entirety of the cross 

section. 
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CHAPTER 5: DISCUSSION 

 

The bathymetry, ice bottom elevation, and resulting water column thickness 

derived in Chapter 4 shed light on both the likely sub-ice-shelf ocean circulation patterns 

through the strait and the history of ungrounding of the ice. In discussing the results, I 

will first I will test my hypotheses. I will then discuss the implications of the seismic data 

in the context of previously known oceanographic and glaciological information. Then, I 

will contextualize information provided by data additional to those presented in this 

study. Finally, I will discuss extended implications for Amundsen Sea circulation. 

 

5.1 Hypothesis Testing 

Based on bathymetry derived from the seismic spot soundings (Figure 24) and the 

water-column thickness (Figure 25), Hypothesis 1 is rejected.  The water column is thick 

(>100 m) throughout the Bear Island Strait, which likely allows for water communication 

between the Crosson- and Dotson-Ice-shelf cavities. Because Hypothesis 1 is rejected, 

Hypothesis 2 is also rejected on the basis that water communication between the two 

cavities can occur. This leaves open the possibility that warm mCDW could intermix in 

the BIS and circulate between the two ice-shelf cavities and further into the continental-

shelf troughs leading to the grounding lines of Smith and Kohler Glaciers upstream of 

DIS and CIS.  
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5.2 mCDW Circulation 

 To determine whether the mCDW can circulate between the cavities, the depth to 

the seabed and the depth to the top of the mCDW layer must be known. If the depth of 

the seabed is beneath the depth of the top of the mCDW layer throughout the strait, then 

mCDW can circulate through the strait. For through-strait circulation of mCDW to occur, 

the depth to the mCDW-layer top must be established. 

The mCDW has a potential temperature of 0.5°C and a practical salinity of 34.55 

(Dutrieux et al., 2014; Jenkins et al., 2018b). I used a depth of 750 m for the depth to the 

top of the mCDW layer in the Dotson cavity based on a visual interpretation of the 

potential temperature profiles at the Dotson-Ice-shelf front of Jenkins et al. (2018b) 

(Figure 26). These data are ship-based CTD/LADCP (Conductivity-Temperature-

Depth/Lowered Acoustic Doppler Current Profiler) casts that were collected just offshore 

of DIS front between years 2000 and 2016. The shallowest that both the 0.5°C potential 

temperature and 34.55 psu criteria are met in this dataset is at 750 m depth. I therefore 

used 750 m as the depth to the top of the mCDW layer for waters entering the water 

column in the BIS from the Dotson cavity (Figure 26). 
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Figure 27: Profiles of potential temperature (a) and salinity (b) vs. pressure just 

offshore of the Dotson-Ice-Shelf calving front. One dbar of pressure corresponds to 1 

m of depth. The mCDW thresholds of potential water temperature at 0.5 degrees C and 

practical salinity at 34.55 psu are both met at an upper limit of 750 m of depth. Figure 

modified from Jenkins et al. (2018b). 
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Figure 28: Temperature-Depth and salinity-depth 

profiles for Pine Island Bay. Solid curves are averages 

for al temperature profiles taken during a single cruise 

year (number of profiles used in parentheses). Shaded 

envelope shows 1 standard deviation error. Dotted curves 

show salinity profiles.  Inset graph shows data in 

salinity-temperature space. Figure modified from 

Dutrieux et al., (2014). 
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For the depth to the top of the mCDW layer for waters entering the strait from the 

Crosson cavity, I used a depth of 500 m from a visual inspection of the potential 

temperature-depth and practical salinity-depth profiles of Dutrieux et al. (2014) (Figure 

27). These data were taken throughout the Pine Island Bay, in branches of the Pine-

Island-Thwaites trough leading to the Crosson and to the other ice shelves in the Pine 

Island Bay. Most of the data are not in the branch leading to the Crosson Cavity. This 

depth roughly corresponds to the ice depth of Crosson Ice Shelf leading into the Bear 

Island Strait. This depth is 150 m shallower than the depth to the top of the mCDW layer 

entering the BIS from the Dotson cavity. 

The depths to the tops of the mCDW layers from both the Dotson and Crosson 

cavities are plotted as the dotted red lines in Figure 25 (Chapter 4). From this cross 

section, the seafloor is deep enough for mCDW to enter the BIS from both the Dotson 

and Crosson cavities. The top of the mCDW layer is at least 100 m above the shallowest 

seafloor in the Crosson and Dotson troughs. This means that the mCDW can enter the 

BIS from either of the ice-shelf cavities and possibly circulate through it. 

I assume that water circulation in the BIS is primarily controlled by bathymetry as 

opposed to other influences such as the Coriolis effect. In inferring the circulation 

pattern, I also assume that water will preferentially follow pathways characterized by a 

thick water column, as a greater water column thickness could support a large flux of 

water (Nicholls et al., 2012). Due to a relatively uniform ice-bottom elevation in the 

study area (Figure 23), the water-column thickness is generally controlled by bathymetry. 
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Using this assumption some inferences about the water circulation pattern in the BIS can 

be made using the seismically-derived bathymetry alone. 

Examining Figure 25, which shows seismically derived water-column thickness, I 

note that the thickest water column follows a curved pathway between the CIS and DIS 

cavities. This pathway generally follows the path of the cross section described above and 

depicted in Figure 25. From the seismic data, the path A-B-C-D-E-F is likely the primary 

circulation pathway through the BIS. 

The circulation pathway from the data does not go through the pinning-point gap 

where the inverted melt channel of the DIS originates (Figure 25). Two of the seismic 

soundings (shots 1165 and 1208) were taken in this gap. The seafloor elevations and 

associated uncertainties for these soundings were -706  34 m and -670  37 m, 

respectively, and water-column thicknesses and associated uncertainties were 351  35 m 

and 285  38 m, respectively (Table 6). Based on these values, the seafloor elevations are 

shallower than Dotson-cavity-originating mCDW top. This prevents Dotson-cavity-

originating water from circulating through the gap. However, the seafloor elevations are 

deeper than the Crosson-originating mCDW top. This means that Crosson-originating 

mCDW can pass through the gap.  

Complete information about the circulation patterns in the study area is not 

provided by analyzing the seismically-derived bathymetry and cross-section alone. This 

is because the seismic data coverage does not span the entire strait, nor does it give 

information about geographical patterns of water circulation. However, some additional 

information can be gleaned from inferences about grounding-line retreat, seismically-



 

 
 

61 

deduced thinning rate, comparisons of seismic- and gravity-derived bathymetries, and 

position data of a float deployed by another research project during the 2018 austral fall 

(P. Dutrieux, personal communication, 2019).  

 

5.3 Inferences from Grounding Line Retreat 

The Smith-Glacier grounding line has retreated ~30 km from 1996-2011 (Lilien et 

al., 2018; Figure 29). Lilien et al. (2019) modeled the evolution of Smith Glacier for this 

period and found that to reproduce the retreat, concentrated melt at the grounding line 

was necessary. This process driving grounding-line retreat suggests that mCDW was 

interacting with the Smith-Glacier grounding line in the period 1996-2011. Because the 

grounding-line retreat occurred around the pinning points as well as at the Smith-Glacier 

main outflow into CIS, I infer that mCDW was present in the strait from 1996-2011. Due 

to the extensive grounding between Bear Island and the Antarctic mainland until at least 

1996, I infer that this mCDW originated in the Crosson cavity as opposed to the Dotson 

cavity. Based on the findings of Lilien et al. (2019), the Crosson-originating mCDW 

circulated southward to the retreated 2011 Smith-Glacier grounding line. 
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Figure 29: Landmarks in the Bear Island Strait, 1996 – 2011. Blue arrows 

point to 2011 pinning points. Red arrows point to pinning-point gaps and 

Smith-Glacier grounding-line positions. Pinning Point 2 ungrounded between 

2011 and 2014. Pinning-Point Gaps 3 and 4 opened between 1996 and 2011. 

The Smith Glacier grounding line retreated ~30 km between 1996 and 2011. 

Figure modified from Lilien et al. (2018). 
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5.4 Seismically-Deduced Ice Thinning Rate 

 Comparing the result of the seismic soundings to the most recent grounding line, I 

note that the shot 1212 lies on the 2014 grounding line of pinning point 3 (Figs. 12 and 

25). The water-column thickness at this location is 47 m, and the seafloor elevation is -

575 m. If this location became ungrounded immediately following the last mapping of the 

grounding line in 2014, the average yearly thinning rate would be ~10 m/yr, given that ~5 

years passed between the last grounding-line mapping and the seismic-sounding data 

collection.  

 An ice-thinning rate of 10 m/yr would manifest as a surface elevation change rate 

of -1 m/yr assuming a hydrostatic equilibrium and ~10% of total ice thickness is above 

sea level. However, the hydrostatic equilibrium assumption weak near the grounding line, 

as the weight of the ice may be partially supported by the bed (Khazendar et al., 2016). 

While the assumption is weak, the thinning rate agrees with the results of Gourmelen et 

al. (2017), who found a basal melt rate of 10 m/yr in the pinning-point gap 3 (Figure 29) 

where the inverted channel originates based on surface elevation change observations. 

Therefore, the result of the inversion for shot 1212 is validated by its agreement with 

Gourmelen et al. (2017) and there are two sources of evidence that the thinning rate in the 

channel-originating pinning-point gap is about 10 m/yr. 

Figure 19 shows that the location of shot 1212 is on the BIS-side of a bathymetric 

ridge separating the Dotson cavity from the BIS; the seafloor at this point and others 

nearby are much shallower than -730 m and preclude Dotson-originating mCDW from 
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passing over the ridge or interacting with the ice at this pinning point after entering the 

BIS from another location. Thus, Crosson-originating mCDW is likely circulating up to 

and interacting with the ice at pinning-point gap 3. It is likely that the meltwater from the 

interaction between the Crosson-originating mCDW and the ice near the grounding line 

forms a buoyant plume that rises up along the base of the ice and travels through pinning-

point gap 3 along the DIS inverted channel, causing the high melt rates observed in the 

channel. 

 

5.5 Use of Gravity-Derived Bathymetry 

The seismic data establish that water circulates from Crosson cavity through the 

BIS to the pinning points and suggests that meltwater produced by the Crosson-

originating mCDW interacting with ice at the grounding line passes through pinning-

point gap 3. However, it is uncertain whether Crosson-originating mCDW meltwater 

makes it through pinning-point 4 gap further grid-southwest due to the limited seismic 

data coverage. A determination of the water column in this pinning-point gap using the 

gravity-derived bathymetry presented in Jordan et al. (accepted) is possible provided that 

the gravity-derived bathymetry is in agreement with the seismically-derived bathymetry.  

In general, the seismic bathymetry has lower seafloor elevation than the gravity 

bathymetry within the seismic-sounding grid, and higher seafloor elevation outside of the 

seismic-sounding grid (Figure 30). The same large-scale bathymetric features exist in 

both bathymetries, including the Dotson and Crosson troughs, as well as the central basin. 
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These similarities extend to the gravity-derived water-column thickness (Figure 31), 

which was produced using the seismically-derived ice-bottom depth data. 

 

 

 

The similarity in large-scale features between the seismic- and gravity-derived 

bathymetries and water-column thicknesses allows for use of the gravity-derived 

bathymetry outside of the sounding grid and along the Crosson trough towards the 

Crosson cavity, as well as into pinning-point gap 4 (-1525 km, -635 km). Maps of the 

Figure 30: Seismically-derived bed elevation vs. Gravity-derived bed elevation. Gravity 

data from Jordan et al., (accepted). Note the large-scale similarities to seismically-

constrained bathymetry. Agreement between seismic and gravity bathymetries allows 

for the use of the gravity bathymetry outside the sounding grid. 



 

 
 

66 

greater BIS-area are presented in Figures 31 and 32. From these maps, I determine 

information about circulation through pinning-point gap 4. 

 

 

 

Figure 31: Seismically-derived water-column thickness vs. Gravity-derived 

water-column thickness. The water-column thickness was calculated using 

seismically-derived ice-bottom elevations and is therefore unreliable outside of 

the sounding data grid. Within the grid, there are similar patterns of water-

column thickness between the seismically and gravity-derived water-column 

thicknesses. 
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Figures 32 and 33 show that a bathymetric low exists in pinning-point gap 4, as 

well as a noticeably thick water column. Gravity-derived seafloor elevations are no 

shallower than -500 m, and the water column is ~70 m at the thinnest based on the map. 

It is likely that water-column thickness is less accurate in this area, because the ice-

bottom elevation used to calculate water-column thickness lacks constraining data in this 

area. Using an ice-bottom elevation of -495 m derived from the median of all ice-bottom 

Figure 32: Gravity-derived bathymetry (Jordan et al., accepted) in the greater 

BIS with Dutrieux 2018 float data added. The location of the Gourmelen 

inverted channel origin is marked by the green open circle in pinning-point 

gap 3. 
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soundings (Figure 34), and assuming uniform ice-bottom elevation through the strait 

gives a water-column thickness of 5 m.  

 

 
 
 

The uncertainty of the gravity-derived seafloor elevation is reported as 100 m and 

this allows for a water-column thickness of 0 to 105 m (Jordan et al., accepted). 

However, a nonexistent water column is unlikely from the grounding-line data. Given 

that the extrapolated water-column thickness on the map is ~ 70 m, I infer that the actual 

water-column thickness is in the 50 – 105 m range.  

Figure 33: Small-scale map of gravity water-column thickness with added 

Dutrieux 2018 float data. The location of the Gourmelen inverted channel 

origin is demarcated by the green open circle in pinning-point gap 3. 
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Because the seafloor elevation here is at ~ -500  100 m in the gravity-derived 

bathymetry, and Crosson-originating mCDW’s upper limit is -500 m elevation, the 

determination of mCDW flow through pinning-point gap 4 is within the uncertainty 

bounds. Therefore, it is difficult to decide whether mCDW flows through pinning-point 

gap 4 with the available data. It is possible that the mCDW has 100 m of water-column 

Figure 34: Histogram of ice-bottom elevation depths for all 27 soundings. The 

median of the soundings is centered around -495 m (red vertical line). This value 

is used for ice-bottom elevation and water-column thickness calculations in 

locations outside of the seismic data coverage area.  
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thickness to circulate through pinning-point gap 4 or that the mCDW has no access 

through the pinning-point gap.  

Because the upper limit of the mCDW in the Dotson cavity is deeper than the 

seafloor in pinning-point gap 4 (Jenkins et al., 2018b), and because ungrounding is 

assumed to have occurred due to ice-ocean interaction with mCDW (Lilien et al., 2019), 

it is likely that the ungrounding in pinning-point gap 4 was caused by ice-ocean 

interaction with Crosson-originating mCDW. This suggests that Crosson-originating 

warmer water circulated through the BIS to the prior grounding line at pinning-point gap 

4. The circulation pathway leading up to pinning-point gap 4 was probably the same 

circulation pathway that the mCDW took to pinning-point gap 3. Pinning-point gap 4 

likely opened after pinning-point gap 3 to the grid-northwest, because the channel likely 

would have begun at the first gap to open. 

Based on the information gleaned about the pinning-point gaps from the seismic 

and gravity bathymetries, it is likely that there is cross-cavity circulation between the 

Crosson and Dotson cavities thorough pinning-point gaps 3 and 4. Therefore, by 

extension, circulation likely occurs between the Pine-Island-Thwaites and Dotson-Getz 

Troughs because these troughs are connected to the Crosson- and Dotson-ice-shelf 

cavities. Because the inverted channel is likely caused by meltwater traveling through 

pinning-point gap 3 from the BIS to the Dotson cavity due to the high melt rate, and 

because the 1996 grounding-line data showing a near-continuous grounding line through 

the strait, and because Lilien et al. (2018) established that the channel initiated between 

the years 1968-1983, I infer that the chronology of the inverted channel is as follows: 1) 
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The inverted channel was initiated by buoyant, rising meltwater produced by isolated 

Dotson mCDW between 1968-1983; 2) Pinning-point gap 3 opened between the years 

1996-2011; 3) warm, Crosson-originating, buoyant meltwater began traversing pinning-

point gap 3 along the ice base; 4) the melt rate in the inverted channel elevated to the high 

rate observed in Gourmelen et al. (2017); and 5) Pinning-point gap 4 opened. However, 

there is not enough evidence to further constrain the timing of opening of pinning-point 

gaps 3 and 4; whereas gap 3 likely predates gap 4, they may have ungrounded at any time 

between 1996 and 2011. 

 

5.6 Float Data 

More information about water circulation in the study area can be gleaned from 

the float data collected in 2018 (P. Dutrieux, personal communication, 2019). The float 

was launched in front of the Dotson Ice Shelf, about 100 km grid west of the BIS. The 

location data begin in the BIS (Figures 32 and 33; encircled cyan data point) because 

locations of between its launch point and this point could not be determined accurately 

(P. Dutrieux, personal communication, 2019). This implies that the float entered the BIS 

through a pinning-point gap between the Dotson cavity and the BIS. I infer that the float 

traversed through pinning-point gap 1, as this gap has a thick water column and would be 

the first pinning-point gap the float would have encountered following Coriolis-force-

predicted clockwise circulation in the Dotson cavity. Additionally, the float likely entered 

through a pinning-point gap northwest of gap 3 because of the direction of flow from the 

BIS to the Dotson cavity through pinning-point gap 3. However, the pinning-point gap 
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that the float entered the BIS through cannot be conclusively identified. From the float 

data, I conclude that water enters the BIS from the Dotson cavity. From the prior 

discussion, I infer that water also enters the BIS from the Crosson cavity and circulates 

through both the BIS and the Dotson-channel-originating pinning-point gap. Therefore, I 

infer that water enters the BIS from both the Dotson and Crosson cavities. 

After entering the BIS from the Dotson cavity, the float traveled to the location of 

the first data point along an unknown path. I infer that the float traveled roughly along the 

deepest part of the strait and across the central basin to get to the first data point (Figs. 32 

and 33). However, a description of the path in greater detail than this cannot be surmised 

from the available data. From the first location point, the float appears to have 

experienced an erratic circulation pattern outside of the central basin of the BIS and then 

a clockwise circulation pattern once re-entering the central basin. It circulated around the 

central basin twice before exiting the BIS along a trough to the Crosson cavity. Based on 

this evidence, I infer that the DIS cavity waters circulate through the BIS and into the CIS 

cavity. I also infer that due to the expansive path that the float took with several different 

circulation patterns, intermixing of DIS and CIS cavity waters occurs within the BIS.  

The maps in Figures 32 and 33 show an erratic but circular float path centered 

around (-1510 km, -610 km) beneath the Crosson Cavity to the grid east of the central 

BIS basin, in an area of generally deep seafloor. The pattern is similar to the circular path 

around the central basin with seismic-sounding data. In traveling between this erratic area 

in the Crosson Cavity and the central BIS basin, the float avoids a bathymetric high and 

crosses the path that it took to enter the southern area. Because of the similarity to the 
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path in the central basin, it is likely that this erratic area is also a bathymetric low as 

predicted by the gravity-derived bathymetry. 

The maps in Figures 32 and 33 show the float continuing along a bathymetric 

trough to the Crosson cavity close to Bear Island along the shallower seafloor and a thin 

water column than the central BIS basin. The seafloor depths along the path reach as high 

as -600 m according to the gravity-derived bathymetry (Figure 32). Given that the 

reported expected error of the gravity-derived bathymetry is 100 m, the seafloor in this 

region could be as shallow as -500 m, which is the upper limit of mCDW in the Crosson 

cavity. Therefore, the Crosson trough may not be deep enough for Dotson-originating 

mCDW and for Crosson-originating mCDW to circulate through. Thus, I infer that the 

mCDW entering the BIS from Crosson’s cavity likely enters the strait from a pathway 

other than that taken by the float, near the shelf-east Crosson margin. 

 

5.5 Implications for Amundsen Sea Circulation 

I have established that: 1) water enters the BIS from both the Crosson and Dotson 

cavities; 2) there is intermixing of Crosson and Dotson-originating water after they enter 

the BIS; and 3) intermixed water from the BIS enters the Dotson- and Crosson-Ice-Shelf 

cavities. Prior work has established that water enters and circulates through the Pine-

Island-Thwaites and Dotson-Getz continental-shelf troughs, but did not consider the 

water in these troughs to interact with one another (Walker et al., 2007; Wahlin et al., 

2010). Because the BIS serves as a junction between the Crosson and Dotson cavities, it 

also serves as a junction between the Pine-Island-Thwaites and Dotson-Getz troughs. 
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Therefore, further work should take into consideration the connection and water 

communication between these two features of the Amundsen Sea. 
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CHAPTER 6: CONCLUSIONS 

 

 The seismic spot soundings reveal the bathymetry of the Bear Island Strait and 

have implications on the sub-ice-shelf water circulation within it. The main conclusion 

that I draw from the seismic-sounding data is that deep bathymetry and a thick water 

column allow for the circulation of mCDW from the Crosson cavity to at least Dotson 

pinning-point 3. I further conclude that interaction between grounded ice and Crosson-

cavity originating mCDW occurs and produces buoyant meltwater that rises along the ice 

base. This buoyant meltwater travels through pinning-point gap 3 and is the cause of the 

elevated melt rate within Dotson-Ice-Shelf inverted channel. This is established by 

placing seismically-derived bathymetry and thinning rates in context with previous 

observations about the sub-ice-shelf melt in the BIS.  

A further inference that pinning-point gap 4 could allow flow between the BIS 

and the Dotson cavity is supported by extrapolating gravity-derived bathymetry that is in 

general agreement with the pattern of the seismically-derived bathymetry. The inference 

of water circulation through the BIS is extended to the Pine-Island-Thwaites and Dotson-

Getz troughs; these troughs also exchange waters as they are directly connected the 

Crosson and Dotson cavities. Therefore, the warmer Pine-Island-Thwaites trough water 

has access to Getz as well as Dotson Ice Shelf, as the two share the Dotson-Getz 

continental shelf trough. 

 From the seismically derived bathymetry and the float data, I conclude that the 

Dotson-cavity-originating water likely enters the BIS via pinning-point gap 1 and 
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circulates at least partially through it. This conclusion is drawn from the observation of 

the thick water column along a bathymetric trough that runs through the BIS. The 

seafloor is at least 100 m below the upper limit of Dotson-originating mCDW through the 

pinning-point gap which the float likely passed through to enter the BIS, and most of the 

BIS is also below the upper limit of Dotson-originating mCDW. The possibility of 

circulation of the Dotson-originating mCDW to Crosson though the BIS is left open due 

to the limited seismic-data coverage. However, the gravity-derived bathymetry suggests 

that the shallow seafloor elevation on the Crosson side of the BIS may serve as a barrier 

to Dotson-originating mCDW circulation through the BIS. This is because the gravity-

derived bathymetry is shallower than the Dotson-originating mCDW upper limit along 

this path. 
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APPENDIX 

                                         SUPPLEMENTARY FIGURES 

 

Figure A1: Location of constraining data used in interpolations of ice base and seafloor 

elevations. Grounded ice elevations come from MCoRDS Operation IceBridge dataset. 
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Figure A2: Calculation of seafloor reflector geometry uncertainty for shot 1228. The 

calculations here are based on simple trigonometrical relationships, Snell’s Law, and the 

Velocity-Distance-Time relationship. This method of calculating uncertainty follows the 

methods of Nøst (2004). 
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Figure A3: Ice-Bottom picked and inverted traveltimes for shots 1165-

1201. Statistics for inversions are reported in Table 7. 
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Figure A4: Ice-Bottom picked and inverted traveltimes for shots 1204-

1212. Statistics for inversions are reported in Table 7. 
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Figure A5: Ice-Bottom picked and inverted traveltimes for shots 1215-

1221. Statistics for inversions are reported in Table 7. 
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Figure A6: Ice-Bottom picked and inverted traveltimes for shots 1224-

1232. Statistics for inversions are reported in Table 7. 
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Figure A7: Ice-Bottom picked and inverted traveltimes for shots 1234-

1240. Statistics for inversions are reported in Table 7. 
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Figure A8: Ice-Bottom picked and inverted traveltimes for shots 1243-

1249. Statistics for inversions are reported in Table 7. 
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Figure A9: Ice-Bottom picked and inverted traveltimes for shots 1251-

1255. Statistics for inversions are reported in Table 7. 
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Figure A10: Seafloor picked and inverted traveltimes for shots 1165-1201. 

Statistics for inversions are reported in Table 7. 
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Figure A11: Seafloor picked and inverted traveltimes for shots 1204-1212. 

Statistics for inversions are reported in Table 7. 
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Figure A12: Seafloor picked and inverted traveltimes for shots 1215-1221. 

Statistics for inversions are reported in Table 7. 
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Figure A13: Seafloor picked and inverted traveltimes for shots 1224-1232. 

Statistics for inversions are reported in Table 7. 
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Figure A14: Seafloor picked and inverted traveltimes for shots 1234-1240. 

Statistics for inversions are reported in Table 7. 
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Figure A15: Seafloor picked and inverted traveltimes for shots 1243-1249. 

Statistics for inversions are reported in Table 7. 
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Figure A16: Seafloor picked and inverted traveltimes for shots 1251-1255. 

Statistics for inversions are reported in Table 7. 
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